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ABSTRACT

The responses of the equatorial zonal wind and the Hadley circula-

tion to the equatorial zonal wavenumber one sea surface temperature (SST)

anomaly, T ∗
s , are examined in an atmospheric general circulation model

(AGCM) with an aquaplanet condition. The Hadley cell is weakened as

the magnitude of T ∗
s increases, balancing with a decrease in the zonal-mean

diabatic heating over the tropics. The decrease of heating reflects a nonlinear

relationship between precipitation and SST; deep convection, such as a su-

per cloud cluster, is significantly suppressed over cold T ∗
s , whereas is slightly

enhanced over warm T ∗
s . The effective suppression of deep convection is ac-

complished by the stable boundary layer and the dry subsidence anomaly

associated with the Walker cell which is excited by the SST anomaly. And

the decreased convection acts to further reinforce the subsidence via ther-

modynamic balance. Therefore, this positive feedback between large-scale

circulation and deep convection determines the nonlinear relationship and

controls the strength of the Hadley cell.

In terms of the energetics of the tropical circulation, the Hadley cell has

to be weakened to compensate for the lack of energy supply caused by an

increase of tropical radiative cooling due to the effective suppression of deep

convection over cold T ∗
s .

We compared the results of our AGCM with that of other 15 aquaplanet

AGCMs integrated with the same SST distribution. While the Hadley cell

is weakened in all AGCMs when T ∗
s is added to the zonal uniform SST,
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there is a large diversity in the strength. This suggests that the difference

in the physical parameterization causes a different sensitivity of the Hadley

cell response to zonally asymmetric SST. The magnitude of weakening is

approximately proportional to the decreased (increased) amount of the deep

convective precipitation (the radiative cooling) over the tropics. This strong

relationship suggests that the positive feedback also works in other AGCMs.

It is considered that the feedback is also important for understanding the

formation of a real tropical climate.

2



1 Introduction

The question of how the tropical climatological circulation, such as the

Hadley and Walker cell, is regulated by sea surface temperature (SST) has

been a major topic in the meteorological literature. For example, several

theoretical and numerical studies have been conducted to explain how a

latitudinal curvature and strength of the equatorial SST control the strength

and width of the Hadley cell (e.g., Held and Hou 1980).

Using a global dry two-level primitive equation model, Suarez and Duffy

(1992) and Saravanan (1993) demonstrated that a tropical climate having an

upper-level easterly abruptly switches to an equatorial superrotating state

that accompanies a zonal-mean westerly and weak Hadley cell. This regime

change in the zonal-mean circulation occurs when a strong zonal wavenum-

ber two tropical eddy heating is superimposed on a zonally uniform heat-

ing. Upper tropospheric superrotation and the weakening of the Hadley cell

have also been found in multi-level atmospheric general circulation models

(AGCMs) with idealized physics and imposed zonally asymmetric tropical

heating (Kraucunas and Hartmann 2005, hereafter KH05) and in aquaplanet

AGCMs with zonally asymmetric SST over the equator (Battisti and Ovens

1995; Hoskins et al. 1999; Inatsu et al. 2002). However, the sudden tran-

sition to superrotation has not been found in such AGCMs (Hoskins et al.

1999; KH05).

Hide’s theorem (Hide 1969; Held and Hou 1980) demands that the upper

tropospheric superrotating state be maintained by eddy angular momentum
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fluxes that are directed up the local angular momentum gradient (KH05).

In two-level models, it is pointed out that the momentum provided by mid-

latitude transient eddies is required to maintain the superrotation (Suarez

and Duffy 1992; Saravanan 1993). In contrast, Hoskins et al. (1999) and

KH05 demonstrated that the superrotating state in multi-level AGCMs was

maintained by the eddy momentum flux associated with the stationary waves

induced by the imposed equatorial thermal contrast (Matsuno 1966; Gill

1980). Some arguments suggest that the interaction between transient eddies

and mean flow cannot be actually simulated with only two vertical levels (see

KH05 for detailed arguments). However, it remains unclear why the Hadley

cell is weakened when forced by a zonally asymmetric thermal forcing or SST.

The tropical climate may be determined by complex interactions between

the large-scale atmospheric circulation, SST, and physical processes such as

radiative transfer, clouds, and convection. In a dry atmosphere, however,

the dynamics of the Hadley cell will likely be much simpler (Fig. 1a): The

Hadley cell (denoted as [ψ]) is controlled by the zonal-mean component of

equatorial heating ([Q]) and convergence of the eddy momentum and heat

fluxes ([ψ∗ψ∗]) induced by the zonally asymmetric component of heating

(Q∗). The control variable of the equatorial heat source, Q∗, is imposed and

fixed in time (Suarez and Duffy 1992; Saravanan 1993; KH05).

In contrast, in a moist atmosphere (Fig. 1b), the control variable will

be SST (denoted as Ts in this paper). It will change an equatorial heating

via precipitation process, whereas the heating will interact with circulation.

Then, how does the zonally asymmetric equatorial SST (T ∗
s ) regulate tropical
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large-scale circulation, such as the Hadley and Walker cells? This study aims

to address this question and clarify the interaction between tropical rainfall

and circulation that controls the Hadley cell. This issue has not been fully

examined in previous studies using moist AGCMs (Battisti and Ovens 1995;

Hoskins et al. 1999; Inatsu et al. 2002). To answer the above question, in

this study, a series of experiments are conducted using a full AGCM with

aquaplanet condition. In these AGCM experiments, we keep the zonal-mean

SST ([Ts]) constant and change only T ∗
s to examine the mechanism by which

the zonally asymmetric SST regulates the Hadley circulation via changing

the Walker circulation. It should be noted that, even though the zonal-mean

SST does not change, zonal-mean heating may not be the same (Fig. 1b).

Recently, a project for intercomparison of idealized climates simulated

by different AGCMs with controlled aquaplanet conditions was proposed

(Aqua-Planet Experiment Project: APE; Neale and Hoskins 2001ab; Black-

burn et al. 2012; Williamson et al. 2012a; Williamson et al. 2012b). This

project aims to provide a benchmark of current model behavior and under-

stand the causes of inter-model differences. For these purposes, each AGCM

is integrated with the same set of several idealized distributions of SST. To

estimate robustness and understand the dependence of our experimental re-

sults on subgrid-scale parameterization, outputs of several AGCMs are also

analyzed in this study.

This paper is organized as follows: In section 2, we present the model

and experimental design. In section 3, we first examine equatorial super-

rotation. The weakening mechanisms of the Hadley cell are investigated in
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section 4, with emphasis on the interaction between large-scale circulation

and convection. In section 5, models are compared in terms of superrotation

and Hadley cell responses. Section 6 provides summary and discussion.

2 Model and Experimental Design

The AGCM used is the atmospheric component of a coupled global climate

model called the Model for Interdisciplinary Research on Climate (MIROC)

(Hasumi and Emori 2004), which is a Japanese community model collabora-

tively developed at the Center for Climate System Research (CCSR), Uni-

versity of Tokyo, the National Institute for Environmental Studies (NIES),

and the Frontier Research Center for Global Change (FRCGC). MIROC has

been contributing to the Intergovernmental Panel on Climate Change (IPCC)

Fourth Assessment Report (e.g., Lin et al. 2006) and is widely used to study

past, present, and future climate change (Kimoto 2005; Nozawa et al. 2005;

Watanabe 2008; Mochizuki et al. 2010; among others). The atmospheric

component model, referred to as the CCSR/NIES/FRCGC AGCM, contains

the standard physics package such as cumulus convection, cloud water, turbu-

lence closure, and radiative transfer schemes. The cumulus parameterization

scheme is based on Arakawa and Schubert (1974), and the details are updated

by a prognostic closure based on Pan and Randall (1998).

The model resolution employed is horizonal T42 and 20 σ-vertical levels.

The model is run following APE framework proposed by Neale and Hoskins

(2001ab). Among eight perpetual-equinox experiments, each of which is
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driven by a different SST distribution, we concentrate on the “control” (de-

noted as CTL) and “3kw1” experiments that are forced by the SST, defined

as

Ts(λ, ϕ) =


T0 [1− sin2(πϕ/2ϕd)], for |ϕ| < ϕd,

273.15, otherwise

(1)

T ∗
s (λ, ϕ) =


α cos(λ− λ0)cos

2(πϕ/ϕd), for |ϕ| < ϕd/2,

0, otherwise

(2)

where Ts is given to CTL and T ∗
s is the SST anomaly with the zero zonal-

mean; Ts + T ∗
s is given to 3kw1. Other parameters are T0 = 300.15 K, α =

3 K, λ0 = 0◦, and ϕd = 60◦. Figure 2 shows the distribution of Ts and T
∗
s . It

is apparent that CTL is driven by a zonally uniform SST with a maximum

of 27◦C along the equator while 3kw1 is forced by a zonal wavenumber one

patch of tropical warm and cold pools between 30◦S and 30◦N, superimposed

on the zonally uniform SST. In addition to the experiments following APE

regulation, we conducted additional experiments in which the zonally uniform

SST remains the same but the amplitude parameter α is varied in the range

of 1 ≤ α ≤ 9 with an interval of 1K; these experiments are denoted as 1kw1,

2kw1, · · ·, 9kw1 (Fig. 2c). After six-month spinup, the model was integrated

for three years for each run. The statistics from the last three years are used

to characterize the mean climate in each experiment.

It is useful to know which experimental configuration is the prototype for

observations. Figure 3c shows the long-term averaged SST at the equator

derived from the Met Office Hadley Centre’s sea ice and sea surface temper-

ature data set (HadISST; Rayner et al. 2003). Although the observational
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SST contains waves with various zonal wavenumbers, the zonal wavenumber

zero (corresponding to the zonal-mean of 27◦C) and one components are dis-

tinguished and are similar to the SST of 3kw1 (Fig. 3f). Furthermore, the

spatial distribution of the eddy (i.e., deviation from the zonal-mean) compo-

nent of the long-term averaged streamfunction (ψ
∗
) in the upper and lower

troposphere (Figs. 3a, b), derived from European Centre for Medium-Range

Weather Forecasts 40-year reanalysis (ERA40; Uppala et al. 2005), is also

similar to ψ
∗
in 3kw1 (Figs. 3d, e). Therefore, as far as our experiments are

concerned, 3kw1 is the most realistic configuration.

3 Superrotation

Before examining the Hadley cell responses, it is useful to investigate the

equatorial superrotation and confirm the consistency with previous studies.

The time- and zonal-mean zonal wind ([u]) in the CTL case is shown in

Fig. 4a. Because asymmetries of land/sea distribution or orography are ab-

sent, the zonal wind is latitudinally narrow and is considerably stronger than

observation. However, it closely resembles the result simulated in another

AGCM with identical SST distribution (Neal and Hoskins 2001b), except

that the upper tropospheric zonal wind is weak westerly over the equator.

Therefore, in our model, very weak superrotation occurs in the absence of the

zonal asymmetry in SST; this is different from the results in dry multi-level

(KH05) and two-level AGCMs (Suarez and Duffy 1992; Saravanan 1993) and

in other aquaplanet AGCMs (e.g., Battisti and Ovens 1995; Hoskins et al.
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1999; Neal and Hoskins 2001b). However, our results are similar to those of

Lee (1999) and Nasuno (2008), who showed a weak westerly response to a

zonally uniform SST 1 .

In 3kw1 and 9kw1 experiments (Figs. 4b, c), the upper tropospheric

westerly over the equator is strengthened and extended into mid-troposphere

as α increases. The sudden transition to the superrotating state shown in

two-level models (Suarez and Duffy 1992; Saravanan 1993) is not seen in our

AGCM, but the westerly is gradually becoming stronger as pointed out in

the previous studies (Hoskins et al. 1999; KH05).

To identify relative roles of the different dynamical mechanisms that have

been proposed for the formation of superrotation, such as the momentum

flux convergence associated with transient and stationary eddies, momentum

budget is examined using the time and zonally averaged zonal momentum

equation, which can be decomposed as

∂[u]

∂t
=

7∑
i=1

ξi , (3)

where

ξ1 =

(
f − 1

acosϕ

∂

∂ϕ
([u]cosϕ)

)
[v] ,

ξ2 = −[ω]
∂[u]

∂p
,

ξ3 = − 1

acos2ϕ

∂

∂ϕ

(
[u∗v∗]cos2ϕ

)
,

ξ4 = − ∂

∂p
[u∗ω∗] ,

1 In section 5, it will be shown that the difference in physical parameterizations yields

significant inter-model differences in the polarity of [u] in CTL even though identical SST

is used.
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ξ5 = − 1

acos2ϕ

∂

∂ϕ

(
[u′v′ ]cos2ϕ

)
,

ξ6 = − ∂

∂p
[u′ω′ ] ,

ξ7 = [Fx] ,

u is the zonal wind, v the meridional wind, ω the vertical pressure velocity, f

the Coriolis parameter, a the earth radius, and Fx the frictional dissipation

term. The overbars (brackets) and primes (asterisks) denote the time (zonal)

mean and deviation from the time (zonal) mean, respectively.

It is important to explain the physical meaning of each term in Eq. (3).

The term ξ1 is the meridional advection of absolute vorticity by mean merid-

ional circulation, ξ2 the vertical advection of zonal momentum, and ξ3 and

ξ4 (ξ5 and ξ6) the zonal accelerations associated with steady (transient) eddy

momentum fluxes. Note that the first two terms represent the zonal accel-

erations associated with the Hadley circulation, while the third and fourth

terms are related to the Walker circulation.

Figure 5 shows the equatorial zonal momentum budget at 200hPa as a

function of the T ∗
s magnitude α. In CTL experiment, the total momentum

budget (Fig. 5a) demonstrates that the transient eddy terms are dominant

and are balanced by Hadley cell terms. In particular, the dominant balance

is between ξ5 and ξ2 terms (Figs. 5b-d), which indicates that the weak

westerly over the equatorial upper troposphere (Fig. 4a) is maintained by

the meridional convergence of momentum associated with the transients, and

the Hadley cell acts to suppress it because of the local negative vertical shear

of the mean zonal wind.
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The above dynamical balance for [u] eventually changes as the zonally

asymmetric SST is amplified. The zonal accelerations associated with the

steady eddy terms are dominant as α increases, while the accelerations as-

sociated with the transients approach zero (Fig. 5a). These results indicate

that the upper tropospheric steady wave response to T ∗
s is responsible for

driving the superrotation under the zonally asymmetric SST boundary con-

ditions, which is consistent with the results of previous studies (Hoskins et al.

1999; KH05). Although the steady eddy terms are dominated mainly by the

meridional convergence of zonal momentum (ξ3) in the upper troposphere

(Fig. 5c), in the middle troposphere, the vertical convergence term (ξ4) acts

mainly to maintain the superrotating state (not shown). The acceleration

associated with ξ3 is confined in the upper troposphere and ξ4 is responsi-

ble for spreading the westerly into the mid-troposphere. This result is also

consistent with that of a previous study (KH05).

In 3kw1 experiment, which is the prototype for observations, the equato-

rial upper tropospheric [u] is westerly but is easterly in observation. This is

likely due to lack of seasonality or hemispheric asymmetry in the model (Lee

1999; KH05).

In the Northern Hemisphere, when Rossby waves forced at low-latitude

propagate into a high-latitude region and are dissipated there, the waves

tilting from northwest to southeast act to decelerate the zonal flow in the

dissipation region, whereas they act to accelerate it in the source region.

Hence, the acceleration of the equatorial zonal wind associated with the

transient eddies in CTL indicates that the transient waves originate in the
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tropics, where they seem to be forced by transient heat sources.

In order to clarify what transient disturbance forces the Rossby waves at

the equator, the Hovmöller diagrams of precipitation at the equatorial belt in

CTL and 3kw1 are shown in Fig. 6. Note that the diagrams are duplicated in

the longitudinal direction to clarify periodicity. No spatiotemporal filtering

technique was used. It is evident that the eastward propagating structure is

dominant in both figures, but the signal tends to be bounded over cold T ∗
s

as α increases. The propagating speed in CTL and 3kw1 is approximately

13m/s and 12–15 m/s (the period is approximately 35 and 30–40 days),

respectively. These characteristics indicate that this signal is a super cloud

cluster (or supercluster, hereafter referred to as SCC; e.g., Hayashi and Sumi

1986; Nakazawa 1988).

We then perform a composite analysis to investigate whether the SCC

actually forces the Rossby waves to propagate poleward. The composite pro-

cedure is as follows: First, for each day, we determine a longitude where the

meridionally averaged (5S◦–5N◦) precipitation anomaly (i.e., deviation from

the long-term mean; denoted as P
′
) has the maximum value. In many cases,

the maximum corresponds to the SCC. Next, the map of P
′
and the corre-

sponding variables for each day are moved in the longitudinal direction so

that the maximum is located at the center of the map. Finally, the maps are

composited (Fig. 7). In CTL, the composite for the streamfunction anomaly

(ψ
′
) at the upper troposphere shows the wave train originating from the P

′

maximum region (Fig. 7a). Although part of the wave appears to be emitted

from mid-latitude toward equator over the west of P
′
maximum, the largest
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equatorial convergence of zonal momentum flux associated with the transient

waves (u
′
v

′
) over slightly west of P

′
maximum (Fig. 7b) demonstrates that

the waves tilt from northwest to southeast in the Northern Hemisphere, and

the main source of the Rossby waves is diabatic heating associated with the

SCC.

Nasuno (2008) performed aquaplanet experiments using a 7-km mesh

AGCM, which includes explicit moist processes in a nonhydrostatic frame-

work, with identical zonally uniform SST distribution. She showed that the

upper tropospheric mean zonal wind is a weak westerly and is maintained

by the momentum flux convergence associated with transient disturbances;

which accounted for moist Kelvin waves. This is consistent with our results,

although no convective parameterization was used.

As α increases, the poleward propagating Rossby wave energy and the

convergence of u
′
v

′
at the equator are weakened (Figs. 7c-d), and the upper

tropospheric westerly becomes to be maintained by the equatorward momen-

tum transport associated with the steady waves (Fig. 5). When the zonally

asymmetric SST is imposed, the poleward propagation of transient waves is

prevented over warm T ∗
s where the equatorial upper mean flow is easterly or

weak westerly because of the off-equatorial anticyclonic steady response (not

shown, but a similar indication is found in Fig. 3d). In addition, the reduc-

tion of the SCC over cold T ∗
s decreases the net convergence of u

′
v

′
at the

equator. Therefore, the momentum transport associated with the transients

is reduced as α increases.
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4 Hadley Cell

4.1 Response to tropical zonally asymmetric SST

Hadley cell responses to the various SST distributions are described in this

section. The right panels of Fig. 4 show the mean meridional streamfunction

χ defined by Eq. (A8-9) in the CTL, 3kw1, and 9kw1 experiments. The

comparison between CTL and 3kw1 shows that the strength of the Hadley

cell is less in 3kw1 than in CTL by approximately 25 %. The Hadley cell

is further weakened in 9kw1 without changes in the width and height of the

cell.

Despite differences in the shape of the imposed SST or heating, the zon-

ally asymmetric SST or heating that causes weakening of the Hadley cell

similar to that seen in previous modeling studies (Suarez and Duffy 1992;

Saravanan 1993; Inatsu et al. 2002; KH05). However, it is anticipated that

the mechanisms may be different between the AGCMs including the precip-

itation processes and the dry dynamical models in which a heating distri-

bution is imposed (Fig. 1). As stated in the introduction, the zonal-mean

component of heating [Q] in AGCM is probably determined by the interac-

tion with circulation via precipitation process even though the zonal-mean

SST is kept constant throughout the experiments.

Indeed, [Q] significantly changes in the tropics when α is varied. Figure

8 shows the time- and zonal-mean condensation ([QC ]) and radiative heating

([QR]) distribution in the CTL and 3kw1 experiments. In the CTL experi-

ment, [QC ] is maximum at the equatorial mid-troposphere, while equatorial
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[QR] is weakly negative in the entire troposphere except for the upper tro-

posphere (Figs. 8a, c). Both diabatic heating in 3kw1 obviously decrease

in the equatorial middle to upper troposphere, and [QC ] increases slightly in

the off-equatorial (around 10◦S and 10◦N) mid-troposphere (Figs. 8b, d).

The change in the Hadley cell influences the change in [Q] at the equator

via precipitation processes such as water vapor transport, and vice versa.

Therefore, it is conjectured that the weakening of the Hadley cell primarily

balances the reduction of [Q] at the equator. For this purpose, the contri-

bution of each term to the Hadley cell is evaluated using a linear diagnostic

equation for the mean meridional streamfunction.

Lχ =
7∑

i=1

ηi (4)

where

η1 = [QC ]y ,

η2 = [QR]y ,

η3 = [u∗v∗]yp + [u∗ω∗]pp ,

η4 = −[v∗T
∗
]yy − [ω∗T

∗
]yp + [ω∗T

∗
]y ,

η5 = [u′v′ ]yp + [u′ω′ ]pp ,

η6 = −[v′T ′ ]yy − [ω′T ′ ]yp + [ω′T ′ ]y ,

η7 = −[Fx]p + [FT ]y .

This equation is an alternate form of Eq. (A10). The elliptical linear

operator is symbolically expressed as L, and QC and QR denote condensation

and radiative heating (e.g., QC = JC/Cp), respectively. The subscripts y and
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p denote derivatives with respect to latitude and pressure, respectively. This

equation relates the mean meridional streamfunction χ to a seven source

terms (right-hand side of Eq. (4)) and can be used to qualitatively diagnose

the streamfunction response to the seven source terms. The first and second

terms, η1 and η2, represent condensation and radiative heating, respectively,

whereas η3 and η4 (η5 and η6) represent the forcing associated with steady

(transient) eddy momentum and heat fluxes, respectively. The last term is

frictional dissipation, which is calculated inside the AGCM.

All these source terms are calculated from the AGCM outputs of each

experiment, and the χ response to each source term is obtained by solving Eq.

(4). The responses are then averaged over 0◦–20◦N and 1000–150hPa and are

plotted as deviations from the CTL experiment (Fig. 9). The streamfunction

response to all source terms (black solid curve) shows that the Hadley cell is

weakened as α increases. The decomposition of the χ response demonstrates

that the weakening of responses to diabatic heating (gray solid and dashed

curves) is obviously responsible for the weakening of the cell. This result is

obtained because of the loose meridional gradient of heating (Fig. 8).

A notable feature is that the change in strength of the Hadley cell is not

linearly proportional to α and the weakening is slightly counteracted when α

is extremely large (α > 7). This is mainly caused by the steady eddy terms,

which show that both momentum and heat fluxes act to maintain the Hadley

cell (black dotted curve). In particular, the first terms of η3 and η4 play a

crucial role in the maintenance of χ in the upper and lower troposphere,

respectively (not shown). However, the contribution from the steady eddies

16



is small in 3kw1 which is the most realistic condition. The terms associated

with the transient eddies are not important for the weakening of the cell

(black dashed curve).

These results suggest that the weakening of the Hadley cell primarily

balances the reduction of [Q] at the equator when α is not extremely large.

It is plausible that the decreases of [QC ] and [QR] at the equator reflect the

decreases of precipitation and cloud, respectively. The change in convection

will be analyzed in the next subsection.

4.2 Nonlinear relationship between precipitation and

SST

The time- and zonal-mean precipitation anomaly from CTL (∆[P ]) at the

equator for each experiment is shown in Fig. 10 (black curve), where ∆ de-

notes the deviation from the CTL. As anticipated from the above subsection,

∆[P ] decreases as α increases even though [Ts] is kept constant. However,

the change is nonlinear because it increases for large α.

To obtain insight into this change, ∆[P ] is divided into two contribution:

one is the average over warm T ∗
s and the other is that over cold T ∗

s (gray

curves). Note that a size of area having warm T ∗
s is equivalent to that having

cold T ∗
s . The two curves illustrate that ∆P over warm T ∗

s increases while

that over cold anomaly decreases as α increases (see also Fig. 6). The zonal-

mean change ∆[P ] is the subtle difference between these two. Therefore, the

decrease of equatorial [Q] originates in the asymmetric precipitation response
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between over the warm and cold waters.

Next, we demonstrate that this asymmetry reflects a nonlinear relation-

ship between precipitation and SST and present an evidence that the rela-

tionship is controlled by the large-scale atmospheric circulation. It is well

known that the occurrence frequency of deep convection observed over the

tropics dramatically increases when SST is above 27 or 28 ◦C (e.g., Gadgil

et al. 1984; Graham and Barnett 1987). A similar relationship is also de-

tected in our AGCM experiments. Figures 11a-b show the histogram of

daily outgoing long-wave radiation (OLR) and precipitation over the tropics

(20◦S–20◦N) in the 3kw1 experiment. The histogram of OLR shows that the

occurrence frequency of deep convection increases dramatically when SST is

above 26–27 ◦C. Similarly, the rate of increase for the occurrence frequency

of strong precipitation with respect to SST suddenly becomes large when

SST is above 26–27 ◦C.

To discuss the change in the histogram from that of the CTL experiment,

the equatorial OLR and precipitation are averaged for each bin of SST (0.5

◦C interval) and are shown by black curves in Figs. 11a-b. Furthermore,

the variables in CTL are also averaged, as depicted by black dots in Figs.

11a-b. It should be noted that the equatorial SST in CTL is zonally uniform

at 27◦C, and the equatorial SST in 3kw1 ranges from 24 to 30◦C. Thus, the

equatorial average for CTL (3kw1) is represented by a dot (a line). The

comparison of this average for OLR between 3kw1 (curve) and CTL (dot)

illustrates that the decrease of deep convection over cold T ∗
s (24 ≤ SST

< 27◦C) is larger than the increase over warm T ∗
s (27 ≤ SST ≤ 30◦C).
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The precipitation also displays a similar relationship (Fig. 11b), that is, the

decrease of precipitation over cold T ∗
s is larger than the increase over warm

T ∗
s . Therefore, the zonally averaged precipitation (OLR), denoted as a black

triangle, becomes smaller (larger) than that in CTL, which is denoted as a

dot. If the rate of change for precipitation with respect to SST is constant,

that is, it has a linear relationship, the increase in precipitation over warm T ∗
s

will be equal to the decrease over cold T ∗
s , and the zonal-mean precipitation

will not change when a zonal wavenumber one T ∗
s is superimposed. Therefore,

the decrease of [P ] reflects the existence of the nonlinear relationship between

precipitation and SST; it is dominated by the change in response of deep

convection accompanying strong precipitation.

Then, what determines the nonlinear relationship? To gain insight into

this question, the histograms of OLR and precipitation in the 6kw1 exper-

iment are shown in Figs. 11c-d. In comparison with those of the 3kw1 ex-

periment, the histograms and curves of OLR and precipitation in the 6kw1

obviously shift to a higher SST. If the nonlinearity is determined only by

a local thermodynamic constraint between the SST and precipitation, the

patterns of the histogram and curve are not changed. Therefore, this re-

sult indicates that an atmospheric effect plays a vital role in the nonlinear

relationship. We will conclude in section 4.4 that an interaction between

large-scale circulation and deep convection such as a SCC determines the

nonlinear relationship.
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4.3 Dynamic and thermodynamic changes in precipi-

tation

To gain further insight into the nonlinear precipitation response with re-

spect to SST, ∆P is separated into the “dynamic” and “thermodynamic”

components following the procedure used in Bony et al. (2004) and Emori

and Brown (2005). The time-averaged precipitation at a grid point can be

represented by

P =
∫ ∞

−∞
PrωPωdω , (5)

where Prω is the probability density function of daily 500hPa vertical pres-

sure velocity ω which is considered to be a proxy of the strength and/or

frequency of a dynamic disturbance such as a SCC, and Pω is the expected

value of daily precipitation as a function of ω. The latter is obtained by a

composite of the daily precipitation for each ω bin. In this study, the bin

width of 20hPa/day is adopted. We have confirmed that following results

are not sensitive to slight changes in the bin width.

The change in P between the 3kw1 and CTL experiments can be ex-

pressed as follows:

∆P =
∫ ∞

−∞
∆PrωPωdω +

∫ ∞

−∞
Prω∆Pωdω +

∫ ∞

−∞
∆Prω∆Pωdω . (6)

The first term on the right-hand side is the change in P because of the

change in the strength and/or frequency of the convective disturbance; there-

fore, this term is called “dynamic change.” The second term occurs because

of the change in the expected precipitation for a given ω and is regarded as
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a change caused by changes in an environment such as a moisture content.

Hence, this term is called non-dynamic or “thermodynamic change.” The

third term is the covariance term.

The difference in deep tropical P between 3kw1 and CTL diagnosed by

Eq. (6) is compared with that directly obtained from the model outputs

(Fig. 12a). The diagnosed ∆P is in good agreement with the correct value,

indicating the adequacy of this analysis. The contributions from each term

in the right-hand sides of Eq. (6) are shown in Fig. 12b. Both dynamic and

thermodynamic changes illustrate that the decrease over cold T ∗
s is obviously

larger than the increase over warm T ∗
s . The covariance term is positive

anywhere, but is distinguished only over cold T ∗
s .

The change in Prω dominates the dynamic change. The occurrence fre-

quency of ascent slightly increases over warm T ∗
s , whereas it significantly

decreases over cold T ∗
s (Figs. 12c-d). These correspond to the slight increase

in occurrence frequency of convection such as a SCC over warm T ∗
s and the

extreme reduction over cold T ∗
s (see also Fig. 6b).

In contrast, the change in Pω dominates the thermodynamic change. Be-

cause the occurrence frequency of extremely strong ascent in CTL is small

(Figs. 12c-d), the change in precipitation is dominated by the change in

Pω with respect to a relatively small ascent (Figs. 12e-f). Such ∆Pω slightly

increases over warm T ∗
s , whereas it significantly decreases over cold T ∗

s . How-

ever, the thermodynamic change is almost zero over warm T ∗
s and is confined

over cold T ∗
s . Because of an environmental change, precipitation over cold T ∗

s

is extremely less even if the occurrence frequency of convection is the same
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as that in CTL.

These results indicate that both dynamic and thermodynamic changes

contribute to the asymmetric precipitation responses between over warm and

cold T ∗
s , that is, the nonlinear relationship between precipitation and SST.

As shown in the above subsection, not only the imposed SST anomaly but

also an atmospheric circulation change seems to affect the extreme reduction

of convection frequency and the amount of precipitation over cold T ∗
s . The

change in atmospheric mean circulation from CTL is investigated in the next

subsection.

4.4 Change in atmospheric mean circulation

Figures 13a-c show the deep tropical cross section of zonal-mean plus eddy

relative humidity (∆Rh) and ∆ω, the sum of ∆Qc and ∆QR (∆Q) and static

stability (∆Sp), and ∆Qc and ∆QR, respectively, for 3kw1. As anticipated

from the negative (positive) ∆[P ] (∆[OLR]) shown in section 4.2, the re-

sponses for both ∆Qc and ∆QR are zonally asymmetric (Fig. 13c). In the

middle to upper troposphere, the magnitude of the cooling anomaly over cold

T ∗
s is larger than that of the heating anomaly over warm T ∗

s , and the zonally

averaged ∆Q is negative in the deep tropics (see also Figs. 8b, d). This

reflects the distinct decrease of deep convection over cold T ∗
s . The pattern

of ∆Q is very similar to that of ∆ω, which indicates that the change in Q

is almost balanced by the change in ω in the deep tropics (shading in Figs.

13a-b). The heat budget analysis also supports this result (not shown), in

22



which the following balance relation approximately applies:

∆Q ' −Sp∆ω . (7)

We confirmed that the term −ω∆Sp and transient eddy terms are sufficiently

smaller than others, and ∆Q is mainly composed of ∆QC (Fig. 13c), where

ω and SP in CTL are zonally uniform (not shown). Thus, the response of

∆ω is also zonally asymmetric and the magnitude of the descending anomaly

over cold T ∗
s is larger than that of the ascending anomaly over warm T ∗

s in

the middle to upper troposphere (Fig. 13a). This asymmetric magnitude

implies the weakening of the Hadley cell as seen in ∆[ω] 2 . Therefore, these

results indicate that the weakening of the Hadley cell is equivalent to the

decrease of [Q]. This is consistent with the result of the linear diagnostic

analysis in section 4.1.

The weakening mechanism of the Hadley cell is then interpreted as follows:

When the 3kw1 SST anomaly is superimposed on CTL SST, the anomaly

accompanies the zonal SST gradient over the tropics, which induces the lower

tropospheric winds blowing from the cold T ∗
s region. The wind convergence

(divergence) over warm (cold) T ∗
s should promote an upward (downward)

flow anomaly there; thus, the Walker circulation with one cell is excited.

The similarity of pattern between ∆ω and ∆Rh (Fig. 13a) implies that

the ascending (descending) anomaly acts to enhance (suppress) the upward

water vapor transport, and Rh increases (decreases) in the middle to upper

2 It should be noted that the longitudinal width of the descending anomaly is slightly

larger than that of the ascending anomaly. This point will be discussed in the last para-

graph of this subsection.
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troposphere. At the same time, the upward (downward) flow anomaly and

the warm (cold) boundary condition induce the decrease (increase) of Sp in

the lower troposphere (Fig. 13b). These changes in Rh and Sp act to enhance

(suppress) the occurrence of deep convection and the amount of precipitation

over warm (cold) T ∗
s .

However, the response of precipitation is zonally asymmetric. The change

in ω, Rh and Sp would more actively affect the change in precipitation over

cold T ∗
s (dynamic and thermodynamic change). Because an atmospheric

column over warm T ∗
s is sufficiently wet and unstable for deep convection

even in CTL, the increase of precipitation over warm T ∗
s is not very large.

In contrast, over cold T ∗
s , the increase of dry mass in the middle to upper

troposphere and the increase of stability in the lower troposphere act to

dramatically suppress the occurrence of deep convection and the amount of

precipitation. Hence, the decrease of Q over the cold T ∗
s is larger than the

increase over warm T ∗
s in the middle to upper troposphere.

At the same time, to satisfy the balance equation (7), the increase of ω

over cold T ∗
s must be larger than the decrease over warm T ∗

s . This change in

large-scale circulation feeds back to a further change in Rh and Sp. Conse-

quently, the asymmetric response of P , QC , and QR between over warm and

cold T ∗
s is further reinforced. Therefore, this interaction between the atmo-

spheric large-scale circulation and deep convection determines the nonlinear

relationship between precipitation and SST and controls the zonal asymme-

try of ∆Q and ∆ω, that is, the weakening of the Hadley cell. Figures 13a-c

illustrate a final balance state in which this positive feedback is settled.
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It is useful to mention the contribution of the zonal expansion of subsi-

dence anomaly to the weakening of the Hadley cell. Figure 12a shows that the

negative ∆P spreads slightly into the eastern side of the warm SST anomaly.

This is caused by dynamic change (Fig. 12b), which relates to the slight

expansion of the subsidence anomaly into the warm T ∗
s region (Fig. 13a). In

3kw1, the contribution of this expansion to the slight increase of ∆P over

warm T ∗
s is small. In contrast, in 6kw1, we may not be able to ignore this ef-

fect on the weakening of the cell. Figures 13d-f demonstrate that positive ∆ω

accompanying negative ∆Q in the troposphere spreads over the eastern side

of warm T ∗
s . This indicates that ∆P is negative in this region even though

the SST is warmer than 27 ◦C and this change in circulation is responsible

for the histogram shift shown in Fig. 11. Therefore, when α is relatively

large, we may need to consider the expansion of the longitudinal width of

the subsidence anomaly for the weakening of the Hadley cell. However, de-

termining what controls the width is very difficult (e.g., Pierrehumbert 1995)

and is beyond the scope of this study.

4.5 Moist static energy budget

To discuss the experimental results from another view point, the moist

static energy (MSE) balance is examined (e.g., Numaguti 1993; Satoh 1994;

Frierson 2007). The vertically integrated budget of time- and zonal-mean

MSE is expressed as

1

acosϕ

∂

∂ϕ
〈[hv]〉cosϕ = 〈[R]〉+ [LE ] + [H ] , (8)
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where 〈A〉 ≡
∫ zt
0 ρAdz represents the vertical integration from the surface

to the top of the atmosphere (TOA), zt, and h is MSE, defined as the sum

of enthalpy, potential energy, and latent energy; h = CpT + gz + Lq, ρ the

density of the air, L the latent heat of condensation, E the evaporation from

the surface, H the sensible heat flux form the surface, 〈R〉 = RT −RS is the

heating rate by radiative process, RT and RS are the net downward radiation

at the TOA and the surface respectively, and RT is decomposed short- and

long-wave radiation; RT = RT
S + RT

L. The MSE flux is decomposed into

stationary mean flow term, stationary eddy term, and transient eddy term;

〈[hv]〉 = 〈[h][v]〉+ 〈[h∗v∗]〉+ 〈[h′v′ ]〉.

Figures 14a-b show the distribution of net MSE flux and net energy sup-

ply (right-hand side of Eq. 8) in the CTL experiment. The imbalance of

energy supply between the tropics and the high-latitudes is compensated

with poleward energy transport through the atmosphere. Because of the ab-

sence of a stationary eddy, the poleward MSE transport is accomplished only

by mean flow and transient eddies. This energy balance is changed slightly

when the zonal wavenumber one SST anomaly is superimposed. The differ-

ence in these fluxes between 3kw1 and CTL are shown in Figs. 14c-d. In

3kw1, the net energy supply decreases over the tropics and increases over the

subtropics 3 . Corresponding to this change, the net poleward MSE transport

decreases over the Hadley cell region and increases over the mid-latitudes.

The decomposition of the MSE flux difference demonstrates that the mean

3 The time- and global-mean net energy supply is almost zero in both experiments:

both experiments are in a state of energy equilibrium.
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flow term and the transient eddy term are dominant in the decrease over the

Hadley cell region, whereas the stationary eddy term acts to increase pole-

ward transport. As mentioned in the last paragraph of section 3, when the

zonally asymmetric SST is imposed, the stationary eddy over warm T ∗
s acts to

prevent the poleward propagation of transient waves and the transient heat

source associated with deep convection tends to decrease over cold T ∗
s . As a

result, the poleward MSE flux caused by transient eddies decreases, whereas

that caused by stationary eddies increases over the Hadley cell region. The

decrease of poleward flux by mean flow corresponds to the weakening of the

Hadley cell.

Now let us examine the change in terms of energy supply (Figs. 14d-f).

The change in incoming solar radiation (RT
S ) and surface radiation flux (RS)

tend to cancel each other (Fig. 14e). The dominant change in the tropics

is the increase of evaporation and decrease of RT
L (that is, an increase of

OLR): the decrease of net energy supply originates in the small difference

between these two (Fig. 14f). These results indicate that the weakening of

the Hadley cell corresponds mainly to the increase of OLR over the tropics,

which is consistent with the results discussed in the previous section.

The weakening mechanism of the Hadley cell is explained from energetics

as follows: When the zonal wavenumber one SST anomaly is added, the

Walker circulation is excited. The occurrence frequency of deep convection

over cold T ∗
s is effectively suppressed by the dry subsidence anomaly and

the positive static stability anomaly in the lower troposphere. The OLR

increases over cold T ∗
s because of the increase in clear sky (Fig. 6b). The
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enhancement of deep convection over warm T ∗
s is not very large because the

atmosphere is sufficiently wet and unstable even in CTL. Hence, the change

in time- and zonal-mean OLR is positive, and the energy that escapes into

outer space increases over the tropics. Furthermore, the stationary eddies

forced by the SST anomaly transports energy from the tropics poleward. The

lack of energy over the tropics cannot be compensated by only the decrease

of poleward energy transport by the transient eddies because its activity is

originally low in this region. Therefore, the poleward transport by mean

flow must also decrease to satisfy the energy balance, and the strength of the

Hadley cell is weakened.

Often we think that the radiative cooling in the subtropics drives the

Hadley cell, but in this case, the cell strength is controlled by the radia-

tive cooling in the tropical belt of the upward motion region of the Hadley

circulation.

5 Model Intercomparison

In this section, we compare the results of our AGCM (referred to as “K1-

JAPAN” in this section) with that of other 15 AGCMs integrated with iden-

tical SST distribution to discuss the robustness of our results and the causes

of inter-model differences (see Williamson et al. 2011 for detailed description

of these models). The CTL and 3kw1 experiments of 16 AGCM outputs sub-

mitted to APE are used. Hereinafter, all variables are temporally, zonally,

and meridionally (5◦S–5◦N) averaged unless stated otherwise.
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First, we focus on superrotation. As shown in section 3, the equatorial

time- and zonal-mean zonal wind in the upper troposphere is a weak westerly

in our CTL experiment, and the westerly is strengthened as α increases. To

examine inter-model differences, a scatter diagram is shown in Fig. 15a. The

x-axis is averaged 200 hPa zonal wind in CTL ([u]ctl) and the y-axis represents

the difference between 3kw1 and CTL (∆[u]). It is found that [u]ctl is westerly

in some AGCMs but easterly in the others. Nevertheless, the superrotation

occurs in all AGCMs when the zonally asymmetric SST anomaly is given,

although the strength is different among AGCMs. These indicate that our

results are not unique, and the difference in physical parameterization yields

a significant inter-model difference in the polarity of [u]ctl and the strength

of ∆[u].

Figures 15b and 15c show the scatter diagram for mean meridional stream-

function difference (∆χ) 4 against the mean precipitation difference (∆[P ])

and mean OLR difference (∆[OLR]), respectively. The first figure demon-

strates that the Hadley cell weakens and the mean tropical precipitation de-

creases in all AGCMs when the zonally asymmetric SST anomaly is added,

though the strength is different among AGCMs. The weakening of the Hadley

cell is roughly proportional to ∆[P ], and the correlation coefficient between

∆χ and ∆[P ] is 0.55, which is significant at the 95% confidence level. When

we eliminate LASG, which is a model that does not conserve the global at-

mospheric water budget (not shown), the correlation coefficient becomes 0.75

4 The streamfunction response in each model is averaged over 0◦–20◦N and 1000–

150hPa.
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and is significant at the 99% confidence level.

The decrease of ∆[P ] seems to mainly correspond to the effective suppres-

sion of deep convection also in other AGCMs. Because ∆[OLR] increases in

all AGCMs (Fig. 15c) and the correlation coefficient between ∆[P ] and

∆[OLR] reaches −0.66 (−0.30) which is significant at the 99% confidence

level (not significant) without (with) LASG. Figure 15c shows that ∆[OLR]

is also proportional to the weakening of the Hadley cell. The correlation coef-

ficient between ∆χ and ∆[OLR] reaches -0.61 (-0.60) without (with) LASG,

which is significant at the 99% confidence level. These results suggest that

the weakening of the Hadley cells in other AGCMs is mainly balanced with

the decrease of condensation heating and the increase of radiative cooling due

to the suppression of deep convection, which reinforces our results shown in

the previous section.

When the zonally asymmetric SST anomaly is added, the direction of

change in the tropical climate is consistent across all AGCMs, this strongly

suggests that the existence of a dynamics which dominates the direction.

The significant correlation indicates that the positive feedback between large-

scale circulation and deep convection dominates the direction of change in

the Hadley cell strength.
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6 Summary and Discussion

6.1 Summary

We examined the responses of the equatorial zonal wind and the Hadley

circulation to an equatorial zonal wavenumber one SST anomaly T ∗
s with

varying magnitude controlled by α in an aquaplanet AGCM. The time-

and zonal-mean equatorial zonal wind in the upper troposphere is a weak

westerly in the control experiment driven by a zonally uniform SST, and is

strengthened and extended into mid-troposphere as α increases. The equato-

rial momentum budget analysis illustrates that superrotation in the control

experiment is maintained by the momentum flux convergence associated with

transient eddies forced mainly by SCC, but the zonal acceleration associated

with steady eddies is dominant for large zonal asymmetry in SST. This is

caused by the suppression of the SCC over cold T ∗
s and the inhibition of

poleward propagating transient waves by a stationary eddy over warm T ∗
s .

The Hadley cell is weakened as α increases. We found that the weak-

ening of the cell is balanced by the decrease in mean equatorial diabatic

heating, which reflects a nonlinear relationship between tropical precipita-

tion and SST. Namely, the precipitation decrease over cold T ∗
s is larger than

the precipitation increase over warm T ∗
s . The nonlinear relationship occurs

due to an interaction between large-scale atmospheric circulation and deep

convection. The SST anomaly excites the Walker circulation, which induces

the subsidence anomaly over cold T ∗
s . Because the stabilization of lower

troposphere and the decrease of relative humidity are induced by the sub-
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sidence anomaly over cold T ∗
s , deep convection such as a SCC is effectively

suppressed over there, and the zonally asymmetric response of precipitation

and diabatic heating occurs (dynamic and thermodynamic change). The

subsidence anomaly is also strengthened to balance the decrease of diabatic

heating, and the zonally asymmetric precipitation response is further rein-

forced. Therefore, this positive feedback between the large-scale circulation

and the transient convective disturbances determines the nonlinear relation-

ship between precipitation and SST and controls the strength of the Hadley

cell. In terms of the energetics of the tropical circulation, the Hadley cell has

to be weakened to compensate for the lack of energy supply caused by an

increase of tropical radiative cooling due to the effective suppression of deep

convection over cold T ∗
s .

Intercomparison of the 16 aquaplanet experiments using identical SST dis-

tribution demonstrates that the superrotation and weakening of the Hadley

cell occur in all of the AGCMs when T ∗
s is added to the zonally uniform SST.

A large diversity with respect to the magnitude of changes suggests that the

sensitivity of the tropical circulation change to T ∗
s greatly depends on the

physical parameterization schemes in these AGCMs. Indeed the extent to

which the Hadley cell is weakened roughly proportional to the decrease of

tropical convective precipitation. This significant relationship indicates that

the cell strength is controlled by the interaction between large-scale circula-

tion and deep convection.
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6.2 Discussion

The results of the momentum budget analysis for the time- and zonal-

mean zonal wind are consistent with those of the previous studies using the

dry idealized AGCM (KH05) except for the case of the CTL experiment. In

our AGCM, the equatorial mean zonal wind for CTL is a weak westerly in

the upper troposphere and is accelerated by the momentum flux convergence

associated with the transient eddies forced mainly by SCC. This process

cannot be represented in a dry model in which a heat source is imposed.

The difference in Hadley cell response between moist and dry models

may be more crucial. The Hadley cell in the dry model does not change

by the prescribed [Q] but by Q∗ (Fig. 1a). Thus, it is anticipated that

the following thermodynamic balance relation approximately applies at the

equator because ∆[Q] = 0.

[Sp]∆[ω] ' −[ω]∆[Sp] + ∆[E] , (9)

where [E] represents eddy terms (see Eq. A3). In this case, the Hadley

cell can change through ∆[Sp] and ∆[E]. Because [Sp] is positive and [ω] is

negative in the middle to upper troposphere at the equator, by assuming that

∆[E] is sufficiently small, we find that the weakening of the Hadley cell is

balanced with positive ∆[Sp]. In this case, the weakening of the Hadley cell

in the dry model may be accomplished by the warming in middle to upper

troposphere.

While prescribing SST is useful for exactly controlling the temperatures,

the surface not having ocean can respond to a nonphysical energy forcing.
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For instance, when SSTs are prescribed, the cloud decrease does not warm

the surface via increased insolation, and evaporation anomalies are not asso-

ciated with the warming of the surface. This kind of feedback that acts to

inhibit unilateral change is not operated in AGCMs. Hence, the change in

mean circulation shown in this study may be somewhat extreme. However,

we believe that the interaction between large-scale circulation and deep con-

vection shown in this study is also important for the formation of tropical

climate in nature and coupled models.

Recently, using Tropical Rainfall Measuring Mission (TRMM) satellite

data, Takayabu et al. (2010) showed that large-scale subsidence effectively

suppresses deep convection, and they pointed out that the entrainment of

mid to lower tropospheric dry air accomplished by the large-scale subsidence

is the major factor for suppressing deep convection. Furthermore, Hirota et

al. (2011) investigated the reproducibility of tropical precipitation in climate

models participating in the Coupled Model Intercomparison Project phase 3

(CMIP3): They showed that low-score models overestimate (underestimate)

precipitation over large-scale subsidence (ascending) regions and suggested

that dynamical suppression of deep convection due to the entrainment of dry

air associated with subsidence is weak in low-score models. The behaviors of

deep convection may be fed back to the formation of large-scale circulation

itself. Therefore, these studies strongly suggest that the interaction between

large-scale circulation and deep convection is essential to form a tropical

climate.

The relationship between the zonal asymmetry of SST and the strength

34



of the Hadley cell may be essential not only for climate but also for interan-

nual variability. Oort and Yienger (1996) showed using observational data

that the Hadley cell is strengthened (weakened) during El Niño (La Niña).

This is consistent with our results that the weak (strong) zonal asymmetry

of SST invites the strong (weak) Hadley circulation. They have not fully

explained its mechanisms, but the above similarity suggests the importance

of the modulation of deep convection by the large-scale circulation associ-

ated with the change in Walker circulation to determining the Hadley cell

variability.
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Appendix A

Linear diagnostic equation for the meridional

streamfunction

The linear diagnostic equation for the meridional streamfunction is ex-

pressed below (Holton 2004). By applying the quasi-geostrophic scaling,

time and zonal averaged zonal momentum, meridional momentum, thermo-

dynamic, and hydrostatic balance equation in the pressure coordinate system

can be written as follows:

∂[u]

∂t
− f [v] = αx , (A1)

f [u] +
1

a

∂[Φ]

∂ϕ
= 0 , (A2)

∂[T ]

∂t
− [Sp] [ω] = αT , (A3)

∂[Φ]

∂p
= −R[T ]

p
, (A4)

where

[Sp] =
κ

p
[T ]− ∂[T ]

∂p
, (A5)

αx = [Fx]−
1

acos2ϕ

∂

∂ϕ

(
[u∗v∗]cos2ϕ

)
− ∂

∂p
[u∗ω∗]

− 1

acos2ϕ

∂

∂ϕ

(
[u′v′ ]cos2ϕ

)
− ∂

∂p
[u′ω′ ] , (A6)

αT = [FT ] +
[J ]

Cp

− 1

acosϕ

∂

∂ϕ

(
[v∗T

∗
]cosϕ

)
− ∂

∂p
[ω∗T

∗
] +

κ

p
[ω∗T

∗
]

− 1

acosϕ

∂

∂ϕ

(
[v′T ′ ]cosϕ

)
− ∂

∂p
[ω′T ′ ] +

κ

p
[ω′T ′ ] . (A7)

Here u is the horizontal wind, v the meridional wind, ω the vertical pressure

velocity, f the Coriolis parameter, Φ the geopotential, T the temperature, a
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the earth radius, Fx and FT the frictional dissipation, J the rate of diabatic

heating per unit mass, Sp the static stability, R the gas constant, Cp the heat

capacity at constant pressure, and κ = R/Cp. For a variable A, A and A
′

denote time mean and deviation from the time mean, respectively, and [A]

and A∗ denote zonal mean and deviation from the zonal mean, respectively.

The meridional streamfunction χ is defined as follows:

[v] =
1

cosϕ

∂χ

∂p
, (A8)

[ω] = − 1

acosϕ

∂χ

∂ϕ
. (A9)

We differentiate (A2) with respect to time and substitute (A1); similarly, we

differentiate (A4) with respect to time and substitute (A3). Both results are

added to eliminate the time derivatives, and then using (A8) and (A9), the

following linear diagnostic elliptic equation is obtained:

f2∂
2χ

∂p2
+

R

a2p

{(
∂[Sp]

∂ϕ
+ [Sp]tanϕ

)
∂χ

∂ϕ
+ [Sp]

∂2χ

∂ϕ2

}

= −fcosϕ∂αx

∂p
+
R

ap
cosϕ

∂αT

∂ϕ
. (A10)
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Fig 1. Schematic diagram of (a) dry and (b) moist atmospheres. For a meteorological field

ψ, [ψ] and ψ∗ denote zonal mean and deviation from the zonal mean, respectively.
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Fig 2. (a) Spatial structure of Ts (contour) and T ∗
s in 3kw1 (shade). The contour interval

is 4 K. (b) Profile of zonally averaged Ts. (c) Cross section of T ∗
s at the equator. Dash,

dotted, and solid curves denote T ∗
s with α values of 3, 6, and 9, respectively.
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Fig 3. Stationary eddy components of streamfunction ψ
∗
at (a) 300 hPa (contour int. is 4

×106 m2s−1) and (b) 850 hPa (contour int. is 2 ×106 ) derived from ERA40. (c) Cross

section of the annual averaged SST (unit is K) at the equator derived from HadISST. All

data of the period of coverage extends from 1957 to 2002 (from 1870 to 2004) and are used

to calculate the time mean of streamfunction (SST). (d)-(e) Same as (a)-(b) but the

aquaplanet GCM responses in 3kw1. T ∗
s in 3kw1 is superimposed (shade). (f) Cross

section of imposed SST (Ts + T ∗
s ) in 3kw1. The zero contour is thickened and negative

contours are dashed.
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Fig 4. Time and zonally averaged zonal winds [u] in: (a) CTL, (b) 3kw1, and (c) 9kw1.

The contour interval is 5 ms−1. The deviation from CTL in which the value is larger

(smaller) than 3 (-3) is shaded as light (dark) gray in (b)-(c) and is denoted by white

contours at intervals of three. Mean meridional streamfunction χ responses in: (d) CTL,

(e) 3kw1, and (f) 9kw1. The contour interval is 1× 104 ms−1Pa. The deviation from CTL

in which the value is larger (smaller) than 4 (-4) ×103 is shaded as light (dark) gray in

(d)-(f) and is denoted by white contours at intervals of 4 ×103. The zero contour is

thickened and negative contours are dashed.
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terms, (b) Hadley cell terms, (c) steady eddy terms, and (d) transient eddy terms. Zero on

the horizontal axis denotes the CTL experiment. The unit of vertical axis is 1× 10−5 ms−2.
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Fig 6. Longitude-time sections of equatorial precipitation in (a) CTL and (b) 3kw1. The

unit is kgm−2day−1. These figures are duplicated in the longitudinal direction.
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Fig 7. Composite maps of transient disturbances in CTL: precipitation anomaly P
′
(shade:

unit is kgm−2day−1) and (a) streamfunction anomaly ψ
′
at 200hPa (contour: interval is

3× 106 m2s−1) and (b) zonal momentum flux by transient eddy u
′
v
′
at 200hPa (contour:

interval is 10 until ±30, after 30 m2s−2). (c)-(d): same as (a)-(b) but in 3kw1. The zero

contour is omitted and negative contours are dashed. The horizontal axis represents

relative longitude from the P
′
maximum (denoted as 0).

7



p
re

s
s
u

re
 (

h
P

a
)

p
re

s
s
u

re
 (

h
P

a
)

p
re

s
s
u

re
 (

h
P

a
)

p
re

s
s
u

re
 (

h
P

a
)

latitude

latitude

latitude

latitude

(a) condensation heating (CTL)

(b) condensation heating (3kw1) (d) radiative heating (3kw1)

(c) radiative heating (CTL)

Fig 8. Time and zonally averaged diabatic heating: condensation heating [QC ] in (a) CTL

and (b) 3kw1 and radiative heating [QR] in (c) CTL and (d) 3kw1. The contour interval is

1× 10−5 Ks−1 in (a)-(b), and 0.5× 10−5 in (c)-(d). The zero contour is thickened and

negative contours are dashed. The deviation from CTL in which the value is larger

(smaller) than 0.3 (-0.3) ×10−5 is shaded as light (dark) gray in (b) and (d).
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whose scale is shown to the right of the figure. Zero on the horizontal axis denotes the

CTL experiment. The unit of vertical axis is kgm−2day−1.
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Fig 11. Histogram of daily (a) OLR (scale is 1× 103), (b) precipitation (scale is power of

10) in 3kw1 over the tropics (20◦S–20◦N). (c)-(d) Same as (a)-(b) but in 6kw1. The unit of

the vertical axis of OLR is Wm−2, and precipitation is 1× 104 kgm−2s−1. The interval of

bin for SST is 0.5, OLR is 5, and precipitation is 5× 104. The composited equatorial OLR

and precipitation for each bin of SST is represented by black curves. The time and zonally

averaged OLR and precipitation in CTL and 3kw1/6kw1 are depicted by black dot and

triangle, respectively.
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Fig 12. The change in tropical (averaged over 5◦S–5◦N) mean precipitation between 3kw1

and CTL, ∆P ; (a) diagnosed by Eq. (6) (black solid line) and obtained by model output

(gray solid line), (b) due to the dynamic (black solid line), the thermodynamic change

(gray solid line), and the cross term (black dotted line). (c) Prω in CTL (gray line) and

3kw1 (black line) averaged over warm T ∗
s over the tropics 5◦S–5◦N, (d) same as (c) but

averaged over cold T ∗
s , (e) same as (c) but Pω, (f) same as (d) but Pω.
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Fig 13. Temporary and meridionally (5◦S–5◦N) averaged vertical anomaly (deviation from

CTL) in 3kw1: (a) vertical pressure velocity (shade: unit is 1× 10−4 hPas−1) and relative

humidity (contour: interval is 0.05), (b) diabatic heating (shade: 1× 10−5 Ks−1) and static

stability (contour: interval is 0.3× 10−4 until ±3× 10−4, after 1× 10−4 KPa−1). (c)

condensation heating (shade) and radiative heating (contour), scales are the same with the

diabatic heating in (b). (e)-(f) are the same as (a)-(c) but in 6kw1. The zero contour is

thickened and negative contours are dashed.
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Fig 14. (a) The meridional MSE flux (unit is 1× 108 Wm−1) and (b) the net energy supply

(unit is Wm−2). (c) The MSE flux difference between 3kw1 and CTL (unit is 1× 107

Wm−1). The energy flux difference between 3kw1 and CTL: (d) the net energy supply, (e)

[H ], [RT
S ] and −[RS ], (f) [LE ] and [RT

L ].
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Fig 15. The scatter diagram for (a) [u]ctl against ∆[u] (unit is ms−1), (b) ∆χ (unit is

1× 103 ms−1Pa) against ∆[P ] (unit is 1× 10−4 kgm−2s−1), and (c) ∆χ against ∆[OLR]

(unit is 1× Wm−2).
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